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Abstract: Sedimentary basin migration and microcontinent formation could be the result of deformation

redistribution, in which the emplacement of an underplated mafic body (UPMB) may play an important role.

In this study, a 2D finite-element model is used to examine the redistribution of the deformation that can be

triggered by a UPMB. It is shown that three modes of deformation redistribution can exist: (1) a shift-

completed mode where the deformation is completely redistributed into the newly weakened region; (2) a

transition mode where the deformation is redistributed, but extension is accommodated by thinning in both

regions; (3) a shift-failed mode where the deformation is not redistributed. Whether or not the deformation is

redistributed depends on the configuration of the UPMB and on the initial rheological heterogeneity in the

initially deformed region. However, it becomes difficult for any UPMB to initiate the redistribution of the

deformation once the stretching factor in the first deformed region exceeds a critical value. The

microcontinent formations observed in the Indian Ocean, in the Norwegian–Greenland Sea, in the Red Sea–

Afar region and in the western Mediterranean are particularly discussed in relation to the transition mode,

providing some important geodynamic implications.

In a system where forces are applied uniformly, a deformation is

distributed into a particular region that has rheologically less

strength. In such rheology-controlled deformation localization,

which is different from that controlled by a locally applied force,

the deformation could be redistributed into a different region if

an additional weak zone is formed. This may be a fundamental

concept that explains some geological phenomena including

sedimentary basin migration and microcontinent formation.

Strengthening of the lithosphere in the extensional process is

caused by thermal relaxation and replacement of weaker crust

with stronger mantle, which has usually been considered as being

responsible for causing successive deformation to migrate to

adjacent regions (e.g. Braun 1992; Negredo et al. 1995; van Wijk

& Cloetingh 2002; Corti et al. 2003b; Yamasaki & Gernigon

2009). However, the cessation, or at least a slow rate, of

lithospheric thinning is required to obtain a significant strength

contrast between extended and non-extended regions; otherwise

the deformation is hardly redistributed. The condition of the

mechanism is, therefore, so tightly limited that the strengthening

does not work effectively when the thinning rate is fast enough

to result in a large stretching factor of the lithosphere or in the

onset of continental break-up.

Instead, the emplacement of underplated mafic bodies

(UPMBs) can be an effective mechanism for deformation redis-

tribution. Indeed, previous studies (Corti et al. 2002, 2003a,

2004; Yamasaki & Gernigon 2009) showed that the UPMB has a

significant potential to bring about localization of the deforma-

tion, depending on its configuration (e.g. width, thickness and

temperature) and on the thermal structure of the lithosphere into

which the UPMB is emplaced. However, even though the UPMB

ought to be formed by the magmatic activity that is controlled by

the asthenosphere dynamics, the direct and intrinsic behaviour of

the asthenosphere has not been well prescribed quantitatively and

is still rather vague. Therefore, the nature of the UPMB’s

emplacement is uncertain; nevertheless, such an accidental

thermal event, brought about by the asthenosphere dynamics, is a

plausible controlling factor in the redistribution of deformation

(e.g. Müller et al. 2001; Yamada & Nakada 2006; Mittelstaedt et

al. 2008).

In this study, we examine the redistribution of deformation

induced by the emplacement of a UPMB during extension. It is

known that the deformation can be redistributed successfully if

an additional weak zone is artificially introduced in some region.

However, it still remains to evaluate the conditions required for

the redistribution to occur. Mittelstaedt et al. (2008) has

examined mid-ocean ridge jumps by means of a hotspot magma

source, in which an abnormal heat source beneath a hot oceanic

plate, as well as the magmatic intrusion in the plate, is imposed

in a system where the sea floor is spreading at a constant rate.

The present study, contrarily, describes the behaviour of the

deformation redistribution on the condition that the UPMB-

related weak zone is formed in the continental lithosphere before

the initially deformed region develops into sea-floor spreading.

It is shown that there exist three modes of deformation

redistribution, depending on the configuration of the UPMB’s

emplacement. The critical stretching factor in the first deformed

region, below which the deformation localization can be redis-

tributed into a different region where the UPMB is emplaced, is

also evaluated. Then, based on the numerical model behaviour,

we consider the implications for the microcontinent formations

observed in the Indian Ocean, the Norwegian–Greenland Sea,

the Afar–Red Sea region and the western Mediterranean Sea

(see Fig. 1), including whether these natural example are suitable

for the application of the model.

Model description

A 2D finite-element model is schematically depicted in Figure 2.

The response of the three-layered continental lithosphere (wet

quartzite upper crust, anorthite lower crust, and wet dunite



mantle) to an applied constant boundary velocity (Vx ¼ �1 cm

a�1) is examined, in which extension of the lithosphere is

accommodated by thinning in the two regions that are weakened

by the UPMBs emplaced at different times.

The force balance equation is solved, using the finite-element

code tekton ver. 2.1 developed by Melosh & Raefsky (1980,

1981) and Melosh & Williams (1989). The viscoelastic–perfect

plastic rheology model with temperature-dependent viscosity and

the heat conduction model have been supplemented with the

code (see also Yamasaki et al. 2008; Yamasaki & Gernigon

2009). Overlapping mechanical and thermal finite-element grids

are used to sequentially solve the mechanical and heat equations.

The thermal equation is solved under the following boundary

conditions. The temperature at the surface is held at 0 8C. At the

left and right side boundaries of the model the horizontal heat

flow is zero. Below a depth of 125 km, a temperature of 1350 8C

is imposed as a constant temperature boundary condition, which

implies that the thickness of the thermal lithosphere (a) is

defined by the depth of the 1350 8C isotherm. The initial thermal

structure is obtained by the steady-state solution. Advection of

heat is incorporated by updating the finite-element grid at every

time step with the displacement computed by the mechanical

algorithm. Thermal parameter values are shown in Table 1.

The ductile deformation is modelled by means of a non-linear

Fig. 1. Regional location and bathymetric maps of the microcontinents discussed in this paper. (a) Seychelles microcontinent and the Laxmi continental

sliver in the India Ocean; (b) Jan Mayen microcontinent in the Norwegian–Greenland Sea; (c) Danakil proto-microcontinent in the Afar–Red Sea region;

(d) Corsica–Sardinia continental block in the western Mediterranean Sea. The continuous black contours mark the extent of large igneous provinces after

Coffin & Eldholm (1994). The bathymetry is from Sandwell & Smith (1997) and the topography from the Shuttle Radar Topography Mission datasets

(http://srtm.usgs.gov/).
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Maxwell viscoelastic rheology. The effective viscosity (�) pre-

scribed by power-law creep is written in the form

� ¼ (1=2A�)J
(1�n)=2
2D exp (Q=RT ) (1)

where A* is a material constant, Q is the activation energy, n is

the stress exponent, R is the universal gas constant and T is the

absolute temperature. On the other hand, an elastic–perfect

plastic rheology model is adopted for the brittle behaviour of

rocks. The yielding is controlled by the Von Mises criterion:

J2D � �2
y=3 ¼ 0 (2)

where � y is the yield stress. In this study, � y is assumed to

follow the depth-dependent brittle stress:

�y ¼ �(1 � ı�)z (3)

where z is the depth in km, � is a constant (24 MPa km�1) and

ı* (0.4) is the density ratio of pore water to rock matrix.

Rheological parameters used in this study are summarized in

Table 1.

The UPMB is introduced as a simplified material unit with

anomalously high temperature and a mafic lower crustal compo-

sition (see also Table 1). Each UPMB is described by the

following three parameters: width (Wup), thickness (tup) and

temperature (Tup). Configuration of the two UPMBs (UPMB-I

and UPMB-II) is, respectively, characterized by Tup1, Wup1, tup1

and Tup2, Wup2, tup2 at the point in time of the emplacement (Fig.

2). The first deformation localization is obtained by the emplace-

ment of UPMB-I at time t ¼ 0, with the centre of the body

located at x ¼ 200 km. Then, we artificially assume the emplace-

ment of UPMB-II at t ¼ ˜t to possibly trigger the redistribution

of deformation, with the centre of the second body located at

x ¼ �200 km.

For simplification, it is assumed that the UPMB is emplaced

instantaneously without taking into account the nature of the

melt generation and its upward migration (e.g. Frey et al. 1998;

Callot et al. 2001; Yamasaki & Gernigon 2009). As indicated by

many studies (e.g. Burke & Dewey 1973; Sengör & Burke 1978;

Griffiths & Campbell 1991; Menzies et al. 2002; Al-Kindi et al.

2003; Courtillot & Renne 2003; Buck 2006), the magmatic event

could occur prior to the rifting process. Therefore, the UPMB

could work as the local rheological heterogeneity where rifting

can be initiated.

The ascent of the asthenosphere into the lithosphere would be

required to generate the melts, which may imply that the thermal

thinning of the lithosphere prior to the emplacement of the

UPMB could also work as a weak zone to induce deformation

localization (e.g. Gac & Geoffroy 2009). However, Yamasaki &

Gernigon (2009) previously indicated that the reduction of the

total lithospheric strength is more significant and efficient if the

shallower (colder) part of the lithosphere is weakened. The

temperature in the deepest region of the lithosphere is originally

so high that it is difficult for any asthenosphere-related weaken-

ing to be perceptible.

Figure 3a shows the temperature profile in the lithosphere, in

which the temperature at depths greater than Das is artificially

imposed to be 1350 8C by presuming that the asthenosphere

penetrates to a depth of Das in a geologically short period. Using

these temperature profiles, the stress envelopes in the lithosphere

are drawn in Figure 3b, where the strain rate is assumed to be

10�15 (s�1). It is shown that a significant difference is not

perceptible between models if Das is deeper than 50 km. The

difference in the integrated total strength of the lithosphere (˜S)

from the model with no asthenosphere penetration (Das ¼
125 km) is shown in Figure 3c. ˜S becomes greater as Das

becomes smaller (i.e. as the asthenosphere penetrates to a

shallower level in the lithosphere). However, ˜S is restricted to be

less than 0.5 TN m�1 as long as Das is greater than 60 km. Thus,

even if the generation of the melts requires the thermal thinning of

the lithosphere, its thinning does not seem to work as a principal

weak zone to localize the deformation as long as the ascent of the

asthenosphere is restricted to a depth greater than c. 60 km.

Fig. 2. Schematic illustration of the numerical model adopted in this study. The continental lithosphere has three compositional layers: wet quartzite upper

crust, anorthite lower crust and wet dunite mantle. The initial thickness of the entire crust (tc) is 30 km, in which the thicknesses of the upper and lower

crust are 15 km. A constant horizontal boundary velocity (Vx ¼ �1 cm a�1) is applied at the right and left side ends of the model. The Winkler restoring

force is applied at the following major density interfaces so as to calculate the vertical surface movements: at the surface, the boundary between upper and

lower crust, and at the Moho. The horizontal heat flow is set to zero at the right and left side boundaries of the model, and the temperature of the surface

is fixed to be 0 8C. The temperature below the depth of 125 km is imposed to be 1350 8C as a constant temperature boundary condition, which indicates

that the initial thickness of the thermal lithosphere (a) is defined by the depth of the 1350 8C isotherm. UPMB-I and -II with abnormally high temperature

and mafic lower crustal composition are, respectively, characterized by Wup1, Tup1 and tup1, and Wup2, Tup2 and tup2 at the point in time of its emplacement,

where Wup is the width, tup is the thickness and Tup is the temperature. It is assumed that the emplacement of UPMB-I and -II occurs at time t ¼ 0 and ˜t,

respectively. The values of Wup and tup adopted in this study are 50, 150 or 300 km and 5, 15 or 30 km, respectively. The values of Tup1 are 600, 800 and

1000 8C, but Tup2 is assumed to have a unique value of 1000 8C.
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For the continental lithosphere, because of its great thickness,

it takes a long time (more than a few tens of million years) to

thermally influence the shallower level of the lithosphere by

either the conductive or convective heat transfer (e.g. Spohn &

Schubert 1982; Yuen & Fleitout 1985). Contrarily, a large

amount of melt can be generated in the early stage of the thermal

thinning (e.g. Harry & Leeman 1995; van Wijk et al. 2001), and

the upward migration of the produced melts must be very quick

as any remnants of the melts are not clearly detected by

geophysical observation (e.g. Reid & Jackson 1981; Sparks &

Parmentier 1991). Melt stagnation is, however, still possible in

the uppermost mantle (Müntener & Manatschal 2006). Therefore,

the emplacement of the UPMB into the shallower level in the

lithosphere is likely to be considered as a principal mechanism

of deformation redistribution, especially in an early stage of the

lithospheric thinning.

As indicated by geological and geophysical considerations

(e.g. Mjelde et al. 2005; White & Smith 2009; Yamasaki &

Gernigon 2009), the thickness and width of the UPMB would

have some variations, depending on the amount of melt produc-

tion. Wup and tup are, therefore, assumed to have the values of 50,

150 or 300 km and 5, 15 or 30 km, respectively. Three values of

the temperature for UPMB-I (Tup1) are adopted; 600, 800 and

1000 8C. This temperature should be dependent on the time when

the extension is initiated after the emplacement of UPMB-I. On

the other hand, UPMB-II must have a high temperature because

its emplacement occurs during the extensional process. There-

fore, Tup2 is assumed to have a unique value of 1000 8C in this

study. The time between the emplacement of the two UPMB

(˜t ) is taken to be 1.0, 2.5, 5.0, 7.5, 10.0, 12.5 or 15.0 Ma.

In practice, the rheological heterogeneity does not always have

to be caused by the emplacement of a UPMB. There are many

other origins of rheological heterogeneity prior to and during

extension (e.g. Fernàndez & Ranalli 1997, and references therein;

Pérez-Gussinyé & Reston 2001; Péron-Pinvidic & Manatschal

2008; Corti 2009). Therefore, the configuration of the UPMB in

our study could be implicitly regarded as an indicator of any

rheological heterogeneity, whatever the source of the deformation

localization. The UPMB particularly considered in this study is

no more than one possible origin of the heterogeneity.

Results

Figure 4a shows the deformed grids and temperature structure of

the model at the time t ¼ 12 Ma, where Tup1 ¼ 600 8C,

Wup1 ¼ 150 km, tup1 ¼ 5 km, Wup2 ¼ 150 km, tup2 ¼ 15 km, and

˜t ¼ 5.0 Ma. It is clearly shown that the deformation localization

is completely shifted to the region where UPMB-II is emplaced.

Table 1. Model parameter values used in this study

Symbol Meaning Value

E Young’s modulus 1.5 3 1011 Pa
� Poisson’s ratio 0.25
� Depth dependence of brittle failure 24.0 MPa km�1

ı* Density ratio of pore water to rock 0.4
Cp Specific heat 1050 J kg�1 K�1

R Universal gas constant 8.314 J mol�1 K�1

Ta Potential temperature of the asthenosphere 1350 8C
Ts Temperature at the surface 0 8C
ruc Density of the upper crust 2800 kg m�3

rlc Density of the lower crust 2900 kg m�3

rm Density of the mantle 3300 kg m�3

Huc Heat production in the upper crust 1.37 �W m�3

Hlc Heat production in the lower crust 0.45 �W m�3

Hm Heat production in the mantle 0.02 �W m�3

Kuc Thermal conductivity of the upper crust 2.56 W m�1 K�1

Klc Thermal conductivity of the lower crust 2.60 W m�1 K�1

Km Thermal conductivity of the mantle 3.20 W m�1 K�1

Flow law parameters of power law creep

Wet quartzite: Koch et al. (1989)
A�ucw Pre-exponent 1.10000 3 10�21 Pa�n s�1

nucw Power 2.61
Qucw Activation energy 145 kJ mol�1

Anorthite: Shelton & Tullis (1981)
A�lc Pre-exponent 5.60000 3 10�23 Pa�n s�1

nlc Power 3.20
Qlc Activation energy 238 kJ mol�1

Wet Aheim dunite: Chopra & Paterson (1984)
A�mw Pre-exponent 5.4954 3 10�25 Pa�n s�1

nmw Power 4.48
Qmw Activation energy 498 kJ mol�1

Mafic granulite: Wilks & Carter (1990) and Ranalli (1995)
A�upmb Pre-exponent 8.8334 3 10�22 Pa�n s�1

nupmb Power 4.2
Qupmb Activation energy 445 kJ mol�1
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Figure 4b shows the temporal profile of the total stretching factor

of the lithosphere (�t). Before UPMB-II is emplaced, the applied

extension of the lithosphere is accommodated only by thinning

of the region where UPMB-I is present (domain-I). However,

once UPMB-II is emplaced, the extension becomes accommo-

dated by thinning of the region where UPMB-II is emplaced

(domain-II), and the thinning in domain-I ends. We define this

kind of model behaviour as ‘a shift-completed mode’.

Figure 5 shows the results of the model, where Tup1 ¼ 600 8C,

Wup1 ¼ 50 km, tup1 ¼ 5 km, Wup2 ¼ 50 km, tup2 ¼ 15 km, and

˜t ¼ 7.5 Ma. As also shown in Figure 4, extension of the

lithosphere is accommodated only by thinning of domain-I prior

to the emplacement of UPMB-II. However, in this model, the

emplacement of UPMB-II results in the lithospheric extension

being accommodated by thinning in both domains-I and -II.

Deformation localization is clearly redistributed, but not comple-

tely shifted. In this study, this behaviour is defined as ‘a

transition mode’.

Figure 6 shows the results of the model, where Tup1 ¼ 600 8C,

Wup1 ¼ 50 km, tup1 ¼ 5 km, Wup2 ¼ 50 km, tup2 ¼ 15 km, and

˜t ¼ 10.0 Ma. In this model, even though UPMB-II is emplaced,

the total stretching factor in domain-II does not increase

significantly and the extension is accommodated only by thinning

of domain-I. The thermal anomaly caused by the emplacement

of UPMB-II can be seen in the figure, but its weakening effect

does not allow the deformation to redistribute. Domain-I has

become so weak that UPMB-II cannot initiate thinning in

domain-II. In this study, such model behaviour is defined as ‘a

shift-failed mode’.

The three modes of deformation redistribution are summarized

in Figure 7. The horizontal axis indicates the averaged strain rate

( _�av) in domain-I in the period ˜t. Even if the applied boundary

velocity is unique, a variety of initial strain rates is obtained,

depending on the configuration of UPMB-I (Yamasaki & Gerni-

gon 2009). Additionally, the strain rate can change through time

even for a given constant boundary velocity, because rheological

features in the deforming region change in accordance with

lithospheric thinning and thermal relaxation. Therefore, we adopt

an averaged strain rate ( _�av), instead of the initial strain rate. The

vertical axis indicates the total stretching factor (�t) in domain-I

at the time when UPMB-II is emplaced.

It could be expected that the boundaries between the three

redistribution modes are principally controlled by _�av, in which a

smaller �t is required for models with higher _�av to exhibit the

redistribution modes in which shifting of deformation occurs.

However, as can be seen in Figure 7, the boundaries are actually

not explained only in terms of _�av.

The different configurations of the UPMBs are not distin-

guished in Figure 7, but we have confirmed the following general

sensitivities of the parameters. Models with greater tup1 and Tup1

and smaller Wup1 require an earlier emplacement of UPMB-II to

facilitate the shift-completed or transition modes. This is ex-

plained by noting that models with such UPMB-I configuration

predict a relatively high strain rate in the first deformed region

(Yamasaki & Gernigon 2009) and, accordingly, a relatively large

thermal weakening (i.e. thinning factor) is obtained for a given

time.

Models with smaller Wup2, Tup2 and tup2 do not favour the

modes that shift deformation regardless of the parameters

describing the UPMB-I. This indicates that the redistribution of

the deformation localization is also strongly controlled by the

UPMB-II configuration. However, models with Tup1 > 800 8C

and tup1 > 15 km do not allow the deformation to redistribute for

any configuration of UPMB-II. It is self-evident that the

redistribution is hardly obtained by a UPMB-II that has the same

configuration as UPMB-I when the deformation in domain-I

shows that the weakening caused by the increase in geothermal

gradient exceeds the strengthening caused by the crustal thinning

and thermal diffusion.

It is also important to note that once the total stretching factor

of the lithosphere in the first deformed region exceeds c. 2.25,

the redistribution of the deformation can no longer be obtained,

regardless of the configurations of UPMB-I and -II (see Fig. 7).

Discussion

General model behaviour

We have demonstrated that the deformation can be redistributed

into a different region if rheological heterogeneity is introduced

Fig. 3. (a) Temperature profile for a different penetration depth of the

asthenosphere (Das ¼ 125, 100, 80, 60 and 40 km). (b) Stress envelope

based on the temperature profile shown in (a), where applied strain rate

is 10�15 (s�1). (c) Difference in the total strength of the lithosphere from

the model with Das ¼ 125 km.
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Fig. 4. (a) Deformed grids and temperature

structure of the model at the time

t ¼ 12 Ma. (b) Temporal evolution of the

total stretching factor of the lithosphere.

Parameter values of the UPMBs are

Wup1 ¼ 150 km, tup1 ¼ 5 km, Tup1 ¼ 600 8C,

Wup2 ¼ 150 km, tup2 ¼ 15 km,

Tup2 ¼ 1000 8C and ˜t ¼ 5 Ma.

Fig. 5. (a) Deformed grids and temperature

structure of the model at the time

t ¼ 12 Ma. (b) Temporal evolution of the

total stretching factor of the lithosphere.

Parameter values of the UPMBs are

Wup1 ¼ 50 km, tup1 ¼ 5 km, Tup1 ¼ 600 8C,

Wup2 ¼ 50 km, tup2 ¼ 15 km,

Tup2 ¼ 1000 8C and ˜t ¼ 7.5 Ma.

Fig. 6. (a) Deformed grids and temperature

structure of the model at the time

t ¼ 12 Ma. (b) Temporal evolution of the

total stretching factor of the lithosphere.

Parameter values of the UPMBs are

Wup1 ¼ 50 km, tup1 ¼ 5 km, Tup1 ¼ 600 8C,

Wup2 ¼ 50 km, tup2 ¼ 15 km,

Tup2 ¼ 1000 8C and ˜t ¼ 10 Ma.
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by the UPMB’s emplacement during the extensional process. It

has been shown that three modes of the deformation redistribu-

tion can be present: (1) the shift-completed mode where the

deformation localization is completely shifted into the new

region; (2) the transition mode where the localization takes place

at the two regions; (3) the shift-failed mode where the deforma-

tion localization is not shifted at all. The modes are dependent

both on the initial rheological heterogeneity in the first deformed

region and on the configuration of the UPMB emplaced during

extension.

The change in the strength of the lithosphere during extension

has been usually discussed in terms of the competition between

the weakening caused by the increase in the geothermal gradient

and the strengthening caused by the crustal thinning and thermal

relaxation, in which it has been emphasized that the strain rate

plays an important role (e.g. England 1983; Takeshita & Yamaji

1990). However, as shown in the present study, it is difficult to

prescribe the boundaries between the three redistribution modes

only in terms of the strain rate-controlled thermal relaxation in

the first deformed region (see Fig. 7). This can be intuitively

understood by noting that if substantial weakening is obtained by

the thermal and compositional anomalies of UPMB-II the

redistribution of the deformation is no longer controlled by the

thermal process in the first deformed region.

As described by Yamasaki & Gernigon (2009), the initial

strain rate in the first deformed region depends on the UPMB-I

configuration and increases when there is a greater strength

contrast between the weakened and non-weakened regions. If this

contrast is insignificant, an applied extension is accommodated

not only by thinning of the weakened region but also by thinning

of the non-weakened region (Yamasaki & Gernigon 2009). That

is, models with small tup1 and small Tup1 would result in a slow

initial strain rate, and an available thermal anomaly in the first

deformed region is also so small that only the shift-completed

mode can be predicted, which explains the results of the models

with the averaged strain rate ( _�av) , c. 10�15 s�1 (see also Fig.

7). If the later emplacement of UPMB-II (˜t . 15 Ma) is applied

in such a range of the UPMB-I configurations and the weakening

brought about by UPMB-II does not exceed the strengthening by

thermal relaxation in the first deformed region, the redistribution

mode could possibly be prescribed by _�av. However, as has been

discussed in many previous studies, the deformation redistribu-

tion is mainly controlled by thermal relaxation, and the role of

the UPMB’s emplacement declines to only a collateral effect to

promote redistribution.

On the other hand, if the weakening brought about by UPMB-I

is large enough to accommodate the lithosphere extension almost

entirely by the thinning of the weakened region, then the initial

strain rate for a given Wup1 is principally controlled by the

applied boundary velocity. In the case where the boundary

velocity is large enough that the thermal relaxation during

extension is a minor effect, the question of whether or not the

deformation localization is redistributed depends on the config-

uration of UPMB-II, and accordingly the modes of the deforma-

tion redistribution are not solely prescribed by the strain rate in

the first deformed region. In situations where the deformation

redistribution is primarily controlled by UPMB-II, a greater

amount of thermal and compositional anomaly (i.e. models with

greater Wup2, Tup2 and tup2) more efficiently redistributes the

deformation. However, the interpretation described above con-

cerns only the case where UPMB-II is emplaced before the first

deformed region exceeds the critical stretching factor.

It should be noted that the value of the critical stretching

factor (c. 2.25) shown in this study was determined for a given

boundary condition (i.e. tc ¼ 30 km, a ¼ 125 km and

Vx ¼ �1 cm a�1), and it could possibly change for different

lithosphere structure and boundary velocity. However, it is not

the aim of the present study to evaluate the critical stretching

factor for various boundary conditions, and the most important

point that we should emphasize is the fact that there exists the

critical stretching factor for the redistribution modes, whatever

its value is.

In practice, it would be difficult for any geological evidence to

clearly reveal the stretching factor in the first deformed region at

the time when a UPMB is emplaced in a different region.

However, the geological or geophysical field data can provide, at

least to some extent, the time when sea-floor spreading is

established, and it can be inferred from our model results that

deformation redistribution is difficult to trigger after the onset of

spreading in the first deformed region. Therefore, as a first-order

approximation, we can discuss the observed deformation migra-

tion in terms of our redistribution modes (i.e. the shift-completed

and transition modes) provided that the emplacement of a UPMB

occurs significantly before the onset of spreading in the first

deformed region.

Implications for microcontinent formation

Here, we particularly attempt to discuss microcontinent forma-

tion in relation to the numerical model behaviour in this study,

by taking up the examples from the Indian Ocean, the Norwe-

gian–Greenland Sea, the Red Sea–Afar region and the western

Mediterranean (see Fig. 1).

The formation of a microcontinent, a continental block

isolated between two spreading system, may possibly be inter-

preted as a product of the deformation redistribution induced by

a UPMB. It has been interpreted by noting that the termination

of sea-floor spreading followed by the establishment of a new

spreading system in a different place causes a microcontinent to

be segregated. That is, microcontinent formation is always

accompanied by the cessation of the earlier spreading. This

alludes to a simple application of the shift-completed mode as an

Fig. 7. Distribution of the three modes of the deformation redistribution

as functions of the averaged strain rate ( _�av ) and the total stretching

factor of the lithosphere (�t) at the time when the UPMB-II is emplaced.
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explanation for the sudden redistribution of the deformation

localization, as has previously been considered for microconti-

nent formation. However, our numerical experiment has shown

that it is difficult to redistribute the deformation localization if

the first deformed region exceeds the critical stretching factor

(see Fig. 7). Therefore, the shift-completed mode cannot be

applied, because the total stretching factor of the lithosphere

would be largely beyond this critical value during the onset of

continental break-up.

For that reason, it is only possible to apply the transition mode

to the formation of microcontinent. In this mechanism, the

deformation proceeds in two regions, but the timing when the

rifting process leads to the break-up is different between the two

regions. The deformation may eventually become completely

concentrated into either deforming domain, depending on the

particular magmatic characteristics of the two regions, as we

have shown (e.g. the configuration of UMPB-II), which may lead

to the ending of the earlier spreading.

The microcontinent formations in the Indian Ocean (i.e. the

Seychelles microcontinent and the Laxmi continental sliver) may

be explained by the framework of the transition mode. The

Seychelles microcontinent and the Laxmi continental sliver are

located between the three spreading systems (Figs 1a and 8) the

Mascarene Ridge, the Carlsberg Ridge and the spreading in the

Gop Basin, which were established at c. 84 Ma, c. 64 Ma and c.

69 Ma, respectively (McKenzie & Sclater 1971; Norton &

Sclater 1979; Masson 1984; Bhattacharya et al. 1994; Talwani &

Reif 1998; Todal & Edholm 1998; Bernard & Munschy 2000;

Collier et al. 2008, 2009; Yatheesh et al. 2009). The tilted fault

blocks in both the northeastern margin of the Seychelles and the

western India–Pakistan margin have been interpreted as a synrift

structure during the late Cretaceous (Plummer & Bellé 1995;

Subrahmanya 1998; Carmichael et al. 2009). This clearly

supports that the rifting in the Arabia–East Somali Basin had

already been initiated while the Gop Basin was still in the rifting

phase (before the spreading phase).

The pre-Deccan volcanic event also occurred in the late

Cretaceous (Collier et al. 2008), which is possibly consistent

with the tilted synrift blocks and the volcanic event occurring

synchronously. A widespread high-velocity body is present

beneath the region (see Fig. 8), which may imply that it is

difficult to obtain any deformation localization. However, the

deformation redistribution into a particular region can be ex-

plained by considering the heterogeneity of the UPMB thickness.

Thus, the formation of the Laxmi continental sliver can be

explained by applying the transition mode, in which the emplace-

ment of the UPMB brought about by the pre-Deccan volcanic

event induced the redistribution of the deformation between the

Gop Basin and the Arabia–East Somali Basin.

On the other hand, because the spreading in the Mascarene

Basin was initiated prior to the rifting initiation in the Arabia–

East Somali Basin, even the transition mode is not applicable for

the Seychelles microcontinent. It may be interpreted that there

was no deformation redistribution between the Mascarene Basin

and the Arabia–East Somali Basin, and the isolation of the

Seychelles microcontinent is only an incidental product as the

result of the deformation redistribution between the Gop Basin

and the Arabia–East Somali Basin.

We also attempt to apply the transition mode for the formation

of the Jan Mayen microcontinent located between the following

two spreading ridges in the Norwegian–Greenland Sea, the Aegir

Ridge and the Kolbeinsey Ridge, where the spreading was

established in the Early Eocene and in the Late Oligocene,

respectively (Gudlaugsson et al. 1988; Kuvaas & Kodaia 1997;

Skogseid et al. 2000; Mjelde et al. 2008; see Figs 1b and 9). The

study of a buried rift in the conjugate Greenland margin revealed

that the rifting could have already been active during the

Cretaceous to Palaeocene (e.g. Larsen 1984; Hamann et al.

2005), implying that the rifting initiation itself could be earlier

than the onset of the spreading along the Aegir Ridge, which is

also supported by the plate reconstruction model of Gaina et al.

(2009). In addition, the magmatic event in the Palaeocene

recorded in the east Greenland margin (Meyer et al. 2007;

Tegner et al. 2008) does not contradict the rifting process

occurring simultaneously with the emplacement of a UPMB.

Thus, it is possible to explain the Jan Mayen microcontinent

formation in terms of the transition mode.

In regard to the application of the transition mode to the

formation of microcontinents, the thinning in the second de-

formed region has to continue even after the first deformed

region reaches break-up; this is probably possible unless the

strength difference between the two domains becomes signifi-

cantly larger. Indeed, such a transient process of transition mode

is currently observed in the Afar–Red Sea region, where the

rifting process has still been active in the Afar depression even

after the onset of the spreading in the Red Sea (Fig. 1c).

The Danakil Block is a proto-microcontinent located between

the Red Sea and the Afar depression (Manighetti et al. 1998;

Fig. 8. Regional transect across the conjugate Seychelles–Western India–Pakistan margin (modified after Collier et al. 2009). Location of the transect is

shown in Figure 1a. The northern part of the Western India–Pakistan margin is characterized by the presence of the Laxmi continental sliver, located

between the Arabian Basin and the Gop Basin. LCB, high-velocity lower crustal body; SDRs, seaward-dipping reflectors.
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Eagles et al. 2002; Beyene & Abdelsalam 2005; Garfunkel &

Beyth 2006; Le Gall et al. 2010). The rifting process in the Red

Sea and the Afar depression started around 31–28 Ma, shortly

after major volcanism in Ethiopia and Yemen (Garfunkel &

Beyth 2006), in which the extensional tectonics in the Afar

depression had been activated significantly before the onset of

sea-floor spreading in the Red Sea (Beyene & Abdelsallam 2005;

Garfunkel & Beyth 2006). Seismic studies have also observed

that igneous material was added to form a highly attenuated

transitional crust beneath the Afar depression (Makris & Ginz-

burg 1987; Dugda et al. 2005). The formation of the Danakil

proto-microcontinent can therefore be regarded as a good

modern analogue showing the transient behaviour of the transi-

tion mode in which the magmatic activity triggered the deforma-

tion redistribution.

The formation of the Corsica–Sardinia block in the western

Mediterranean Sea (see Figs 1d and 10) may also be described in

the same way. The opening of the Liguro-Provençal Basin,

followed by that of the Tyrrhenian Sea, had isolated the Corsica–

Sardinia block (e.g. Doglioni et al. 1997; Lonergan & White

1997; Gueguen et al. 1998; Faccenna et al. 2001). However, the

ages of the oldest synrift deposits in the northern and southern

Tyrrhenian Sea are early and late Miocene, respectively (e.g.

Kasten et al. 1988; Jolivet et al. 1998; Mauffret & Contrucci

1999), which indicates that rifting in the Tyrrhenian Sea was

initiated after the Liguro-Provençal Basin had reached the

spreading phase at c. 22–23 Ma (e.g. Faccenna et al. 2001;

Gattacceca et al. 2007). Therefore, the transition mode cannot be

employed for the microcontinent formation in this region. The

Corsica–Sardinia block may be interpreted to suggest that,

during the temporal intermission of the extension between 15

and 10 Ma (e.g. Faccenna et al. 2001), the increase in the

lithospheric strength beneath the Liguro-Provençal Basin signifi-

cantly progressed in accordance with the thermal relaxation, and

the subsequent deformation was concentrated only into the

unextended Tyrrhenian Sea. It is also noted that there is no clear

evidence of a UPMB beneath the region, which may emphasize

the importance of the UPMB emplacement for applying the

transition mode.

Concluding remarks

In this study, we have examined the redistribution of deformation

triggered by the emplacement of a UPMB. It has been shown

that there are three modes of deformation redistribution (the

shift-completed mode, the transition mode and the shift-failed

mode) depending on the initial rheological heterogeneity devel-

oped in the first deformed region and on the configuration of the

UPMB’s emplacement during extension. However, it is difficult

to obtain the redistribution of the deformation if its emplacement

occurs after the total stretching factor of the lithosphere in the

first deformed region exceeds the critical value.

Based on the numerical model behaviour in this study, we

have discussed the microcontinent formations observed in the

Indian Ocean, the Norwegian–Greenland Sea, the Afar–Red Sea

region and the western Mediterranean Sea, proposing the transi-

tion mode as a new framework for the interpretation. It has been

shown that the (proto-)microcontinent formations in the Indian

Fig. 9. Regional transect between Greenland and Norway across the Jan Mayen microcontinent (modified after Mjelde et al. 2008). Location of the

transect is shown in Figure 1b. The Jan Mayen microcontinent is located between the two spreading systems, the Kolbeinsey Ridge and the Aegir Ridge.

Fig. 10. Regional transect across the West Mediterranean Sea (modified after Faccenna et al. 2001). Location of the transect is shown in Figure 1d. The

Corsica–Sardinia block is interpreted as a microcontinent that has been insulated between the two spreading systems including the Liguro-Provençal Basin

and the Tyrrhenian Sea.
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Sea, the Norwegian–Greenland Sea and the Afar–Red Sea

region can be explained by applying the transition mode, in

which another rifting process in a different region is initiated

significantly before the onset of the sea-floor spreading in the

first deformed region. However, it has also been recognized that

it is difficult for the transition mode to explain the formation of

the Corsica–Sardinia continental block in the western Mediterra-

nean. Therefore, the transition mode is not always applicable for

any microcontinent, especially for the case where the presence of

a UPMB is not clearly observed. However, it allows us to

categorize the style of microcontinent formation and aids in our

understanding of its mechanism.

Further investigations are also required to elucidate what

effectively controls the emplacement of the UPMB. Its origin

may be discussed in relation to the dynamics of the astheno-

sphere beneath continents (e.g. White & McKenzie 1989;

Farnetani & Richards 1994; King & Anderson 1998). Although

the nature of the UPMB’s emplacement is still difficult to

understand, the critical stretching factor for the deformation

migration may offer an important constraint on the timing and

the deep origin of the UPMB.
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Jolivet, L., Horváth, F. & Séranne, M. (eds) The Mediterranean Basins:

Tertiary Extension within the Alpine Orogen. Geological Society, London,

Special Publications, 156, 169–193.

McKenzie, D.P. & Sclater, J.G. 1971. The evolution of the Indian Ocean since

the Late Cretaceous. Geophysical Journal of the Royal Astronomical Society,

25, 437–528.

Melosh, H.J. & Raefsky, A. 1980. The dynamical origin of subduction zone

topography. Geophysical Journal of the Royal Astronomical Society, 60, 333–

354.

Melosh, H.J. & Raefsky, A. 1981. A simple and efficient method for introducing

faults into finite element computations. Bulletin of the Seismological Society

of America, 71, 1391–1400.

Melosh, H.J. & Williams, C.A. 1989. Mechanics of graben formation in crustal

rocks: a finite element analysis. Journal of Geophysical Research: Solid

Earth, 94, 13961–13973.

Menzies, M.A., Klemperer, S.L., Ebinger, C.J. & Baker, J. 2002. Characteristics

of volcanic rifted margins. In: Menzies, M.A., Klemperer, S.L., Ebinger,

C.J. & Baker, J. (eds) Volcanic Rifted Margins. Geological Society of

America, Special Papers, 362, 1–14.

Meyer, R., Van Wijk, J. & Gernigon, L. 2007. The North Atlantic Igneous

Province: a review of models for its formation. In: Foulger, G.R. & Jurdy,

D.M. (eds) Plates, Plumes and Planetary Processes. Geological Society of

America, Special Papers, 430, 525–552.

Mittelstaedt, E., Ito, G. & Behn, M.D. 2008. Mid-ocean ridge jumps associated

with hotspot magmatism. Earth and Planetary Science Letters, 266, 256–

270.

Mjelde, T., Raum, T., Myhren, B., et al. 2005. Continent–ocean transition on

the Vøring Plateau, NE Atlantic, derived from densely sampled ocean bottom

seismometer data. Journal of Geophysical Research: Solid Earth, 110,

B05101, doi:10.1029/2004JB003026.

Mjelde, R., Raum, T., Breivik, A.J. & Faleide, J.I. 2008. Crustal transect across

the North Atlantic. Marine Geophysical Researches, doi:10.1007/s11001-008-

9046-9.

Müller, R.D., Gaina, G., Roest, W.R. & Hansen, D.L. 2001. A recipe for

microcontinent formation. Geology, 29, 203–206.

Müntener, O. & Manatschal, G. 2006. High degrees of melt extraction

recorded by spinel harzburgite of the Newfoundland margin: The role of

inheritance and consequences for the evolution of the southern North

Atlantic. Earth and Planetary Science Letters, 252, 437–452.
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