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Abstract

Deep mantle plumes and associated increased geotherms are expected to cause an

upward deflection of the lower–upper mantle boundary and an overall thinning of

the mantle transition zone between about 410 and 660 km depth. We use subse-

quent forward modelling of mineral assemblages, seismic velocities, and receiver

functions to explain the common paucity of such observations in receiver function

data. In the lower mantle transition zone, large horizontal differences in seismic

velocities may result from temperature‐dependent assemblage variations. At this

depth, primitive mantle compositions are dominated by majoritic garnet at high tem-

peratures. Associated seismic velocities are expected to be much lower than for

ringwoodite‐rich assemblages at undisturbed thermal conditions. Neglecting this

ultralow‐velocity zone at upwelling sites can cause a miscalculation of the lower–up-
per mantle boundary on the order of 20 km.
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1 | INTRODUCTION

Hotspot magmatism occurs at sites of convective mantle upwelling.

With the time‐scale of upward motion short compared to the time‐
scale of conductive thermal equilibration, mantle material would

decompress adiabatically and cross its solidus. Most studies propose

a lower mantle source for the rising material (De Paolo & Manga,

2003; Morgan, 1972). Accordingly, the material stream would cross

the mantle transition zone (MTZ), the lower part of the upper mantle

between about 410 and 660 km depth. The MTZ is bounded by two

phase transitions (the 410 and the 660 transitions, respectively),

which correspond to considerable density and seismic velocity dis-

continuities and thus produce large amplitude seismic signals in

receiver function (RF) data (e.g., Andrews & Deuss, 2008; Lawrence

& Shearer, 2006; Stammler et al., 1992; Vinnik, Kosarev, & Petersen,

1996). The bottom of the MTZ (660 discontinuity) is the boundary

between the upper and lower mantle and corresponds to the down-

ward replacement of ringwoodite with periclase plus Mg–Si‐perovs-
kite, also called bridgmanite. The top of the MTZ (410 discontinuity)

is defined by the downward replacement of olivine with wadsleyite.

The 660 transition has a negative Clapeyron slope while the 410

transition has a positive slope with similar absolute values of

2–3 MPa/K (Deuss, Andrews, & Day, 2013; Gasparik, 2003; Hirose,

2002; Figure 1). The slope of the 660 transition is actually contro-

versial with some estimates as high as −1 MPa/K. Most experiments,

first‐principle calculations and fundamental seismic studies (e.g., Her-

nández, Brodholt, & Alfè, 2015; Hirose, 2002; Tauzin & Ricard,

2014; Yu, Wentzcovitch, Tsuchiya, Umemoto, & Weidner, 2007),

however, point to values lower than −2 MPa/K (Cottaar & Deuss,

2016). Because of the opposite slopes of the bounding reactions,

the MTZ should become thinner with increasing geothermal gradi-

ents (Bina & Helffrich, 1994). Yet, observations at hotspot sites have

been ambiguous. While the 410 discontinuity typically does show

the expected downward excursion, the behaviour of the 660 discon-

tinuity is less consistent. In Iceland, Jenkins, Cottaar, White, and

Deuss (2016) found the bottom of the MTZ displaced downward

and attributed this to a garnet‐related positive Clapeyron slope at

high temperatures. Recent RF data from Hawaii show overall
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moderate topography of the 660 discontinuity with upward and

downward displacements (Agius, Rychert, Harmon, & Laske, 2017;

see also Cao, van der Hilst, de Hoop, & Shim, 2011). Similar observa-

tions exist from the East African Rift (e.g., Cornwell, Hetényi, & Blan-

chard, 2011; Huerta, Nyblade, & Reusch, 2009), the Western US

(Gao & Liu, 2014), and South China (Huang, Tosi, Chang, Xia, & Qiu,

2015). We present progressive forward modelling of mineral assem-

blages (Figures 1 and 2), seismic velocities (Figure 3), and 1D RFs

(Figures 4 and 5) along various adiabats. Assemblage evolutions are

similar for different adiabats except for the lower MTZ where gar-

net‐rich assemblages may cause a pronounced low‐velocity anomaly

for hot geotherms. This low‐velocity zone would account for larger‐
than‐expected delay times at hotspot sites, which may lead to artifi-

cial deepening of the 660 discontinuity in seismic observations, if

unaccounted for in time–depth conversions.

2 | MODELLING PHASE RELATIONS,
SEISMIC VELOCITIES, AND RECEIVER
FUNCTIONS

The emergence of thermodynamic databases allowing for quantita-

tive modelling of assemblages at mantle conditions (Holland, Hudson,

Powell, & Harte, 2013; Stixrude & Lithgow‐Bertelloni, 2011) has pro-

vided a powerful tool to study mantle processes and their seismic

footprints (e.g., Cammarano, 2013; Shorttle, Mavlennan, & Lambart,

2014; Stixrude & Lithgow‐Bertelloni, 2012; Xu, Lithgow‐Bertelloni,
Stixrude, & Ritsema, 2008). We use Theriak/Domino software (De

Capitani & Petrakakis, 2010) and the database from Holland et al.

(2013) to explore phase relations in primitive mantle (Figure 1). The

composition employed here is from Lyubetskaya and Korenaga

(2007). Other common propositions yield almost identical phase rela-

tions (Supporting Information, Figure S1). Along with the thermody-

namic calculations come density, entropy, and Gibbs free energy,

which are further utilized in the subsequent modelling. Adiabats

shown in Figure 1 are calculated from the entropy of the predicted

stable mineral assemblages and used to approximate primitive mantle

geotherms down to 800 kilometres depth (30 GPa) for potential

temperatures of 1,350°C, 1,450°C, 1,550°C, and 1,650°C (at 3 GPa)

respectively. Synthetic profiles of seismic velocities (Figures 2 and

3b) are derived from assemblages, using the Theriak_D add‐on
(Duesterhoeft & de Capitani, 2013). We used a novel heuristic tech-

nique for calculating the shear modulus needed for computation of

seismic velocities as a function of temperature, pressure, and compo-

sition (see supporting information for a detailed description).

The RF method is a common tool to image seismic discontinu-

ities, traditionally in the crust and upper mantle, by deconvolving

waveforms of incident teleseismic P‐waves that are converted to

S‐waves (e.g., Ammon, 1991; Kind, Kosarev, & Petersen, 1995; Lang-

ston, 1979; Vinnik, 1977). The P‐to‐S conversions are visualized as

pulses at the delay time of the converted S‐wave after the P‐wave.

This delay time is dependent on the depth of the discontinuity, the

overlying S‐ and P‐wave velocity structure and the ray parameter

(Zhu & Kanamori, 2000). A RF with known parameters of an incident

earthquake may thus be back‐migrated from delay time to the true

conversion point, if the overlying velocities are known, while usage

of a wrong velocity model may lead to errors in depth (Tauzin &

Ricard, 2014). We produce synthetic 1D RFs of the thermodynami-

cally estimated velocity–density models, which are initially translated

from pressure to depth. These synthetic MTZ images are idealized,

perfectly depth‐migrated and noise‐free. Real data would be

obscured by noise, scattering, and imaging artefacts. However, the

target of this study was to identify first‐order characteristics of the

time–depth migration of major discontinuities and the effect of

velocity models. These effects will show robustly in real data. The

pressure–depth conversion in our modelling assumes a lithostatic

depth defined by density‐integration along the 1,350°C adiabat and

extended by a standard continental lithosphere at the top (35 km

thick crust with a density of 2,800 kg/m3 and 100 km thick litho-

spheric mantle with a density of 3,300 kg/m3). Hence, we assume
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F IGURE 1 Equilibrium phase diagram for a primitive mantle
composition (Lyubetskaya & Korenaga, 2007). Molar abundances of
elements in simplified bulk composition used for the calculation are:
Si, 38.34; Al, 3.51; Fe, 5.64; Mg, 49.80; Ca, 2.53; Na, 0.49; O,
139.200. Red lines and shaded area highlight the mantle transition
zone. Dashed lines are isentropes representing adiabatic geotherms
defined by potential temperatures of 1,350°C (blue), 1,450°C (green),
1,550°C (red), and 1,650°C (pink) at 3 GPa respectively. Mineral
abbreviations are: cfe, Ca‐ferrite; cpv, Ca–Si‐perovskite; cpx,
clinopyroxene; grt, garnet; hpx, high‐pressure polymorph of opx;
mpv, Mg–Si‐perovskite (bridgemanite); nal, NAL phase (Mookherjee,
Karki, Stixrude, & Lithgow‐Bertelloni, 2012); ol, olivine; opx,
orthopyroxene; per, periclase; rw, ringwoodite; wd, wadsleyite.
Assemblages: 1, wd + grt + cpx; 2, wd + grt + cpx + hpx; 3,
wd + rw + grt; 4, wd + rw + grt + per; 5, rw + grt + per; 6,
rw + grt + per + cpv; 7, rw + grt + cpv + nal; 8,
rw + grt + cpv + nal + per; 9, mpv + grt + cpv + nal + per; 10,
grt + per + cpv. See text for more calculation details
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pressure equilibrium between upwelling and ambient mantle. Syn-

thetic RFs are calculated using the velocity–density–depth profiles

(Supporting Information, Figure S2) and a 1D wavefield code to com-

pute the surface response to an incoming plane wave (Kennet,

1983) and subsequent waterlevel‐deconvolution with a Gaussian fac-

tor of 2 (e.g., Clayton & Wiggins, 1976; Langston, 1979) (Supporting

Information, Figure S3 shows the effect of different Gaussian filters).

As for real RFs, the synthetics are given in delay time (Figure 4a).

The lithospheric layers are removed and constant lithospheric veloci-

ties (Vs = 4.5 km/s, Vp = 8.1 km/s) are assumed in the upper 135 km

to obtain MTZ signals undisturbed by multiple conversions (Support-

ing Information, Figure S4 shows the negligible effect of multiples).

Thereafter, the RFs are converted to depth (Figure 4b).

3 | RESULTS

Figure 1 shows the classic phase transitions bordering the MTZ, i.e.,

the 410 and the 660 discontinuities. Narrowing of the MTZ with

increasing temperature is predicted to occur up to 1,800°C, where

the slope of the 660 transition becomes positive. This slope change

reflects the changeover from the assemblage ringwoodite/

wadsleyite + garnet + Ca–Si‐perovskite to majorite‐rich gar-

net + periclase, which takes place towards high temperatures in the

MTZ. The associated reactions are continuous and may start below

1,650°C at 20 GPa. Figure 2 displays predicted assemblage evolu-

tions and seismic velocities following adiabats in Figure 1. The

above‐described reaction represents by far the most significant

difference in assemblage evolution between normal and high‐tem-

perature scenarios. At pressures below 16 GPa and above 24 GPa,

assemblages evolve similarly. In the lower MTZ, however, majoritic

garnet + periclase progressively replace Mg2SiO4 phases towards

higher temperatures. This leads to the complete disappearance of

ringwoodite at 20 GPa along the 1,650°C adiabat. The horizontal

mineralogical variation in the lower MTZ is associated with a signifi-

cant reduction in velocity (Figures 2–4). While below and above the

MTZ, temperature‐dependent velocity differences would be in the

order of the typical tomographic signal, i.e., 1%–1.5%, velocities in

the lower MTZ display a pronounced fanning with differences up to

about 7% for S‐waves and 5% for P‐waves (Figure 3b). Figure 4

shows synthetic RFs. The 410 and 660 discontinuities produce the

expected large amplitude positive conversion signals. The 410 dis-

continuity shows a clear deepening with higher temperatures. The

660 discontinuity displays less pronounced depth differences
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F IGURE 2 Assemblages along four
adiabats displayed in Figure 1. Figure 2a–d
correspond to 1,350, 1,450, 1,550, and
1,650 adiabats respectively. Dashed and
solid black lines show velocities of P‐ and
S‐waves respectively. Mineral
abbreviations are the same as in Figure 1
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F IGURE 3 Calculated densities (a) and
velocities of P‐ and S‐waves (b) along the
1,350 (blue), 1,450 (green), 1,550 (red), and
1,650 (pink) adiabats respectively Figure 1.
See Supporting Information Data S1 for
calculation details
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although the negative pressure–temperature slope has similar ampli-

tude. Because of higher densities in the lowermost MTZ compared

to the top of the MTZ, the depth–temperature slope of the 660

transition is diminished. Also, the assemblage and property change

across the 660 transition is distributed over a depth range of 30 km

resulting in a more diffuse signal compared to the 410 discontinuity,

which spreads over a depth interval of only 10 km (Figure 3b). The

1,650°C adiabat cuts the 660 transition above 1,800°C, where the

Clapeyron slope has turned positive and the RF signal starts to dee-

pen again (Figures 1 and 4b). The wadsleyite–ringwoodite transition

(often called the 520 transition) produces a small positive conversion

along the 1,350°C adiabat. At elevated temperatures, the phase‐
change‐related decrease of velocities with depth results in a low‐
amplitude negative conversion signal at 530–580 km depth. This
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signal, both as a positive and negative 520 discontinuity, might be

challenging to resolve in real data; the impact of the low‐velocity
layer on delay times, however, is robust and momentous.

The MTZ is predicted to show only minor shortening of the

delay time width with increasing temperature (Figure 4a). The depth

difference of the 660 discontinuity between the 1,350 and the

1,550 adiabat is outweighed by the velocity difference in the lower

MTZ, causing a larger delay time for warmer adiabats (Figure 4a).

Although the 660 discontinuity is 8 km shallower along the 1,650°C

than along the 1,350°C adiabat (Figure 4b), its delay time is 1.8 s

longer. Figure 5 illustrates the effects of the low‐velocity zone in the

lower MTZ on the inferred depth of the 660 discontinuity using dif-

ferent velocity models for time–depth conversion. Using the velocity

model of the 1,350°C adiabat to convert the RFs of the 1,650°C adi-

abat (Figure 4a) leads to a 660 discontinuity estimation 26 km too

deep. Even if a general temperature‐related velocity reduction of

1.5% ‐ the typical magnitude inferred in tomographic models ‐ is

assumed and the model is corrected for the altered location of the

410 discontinuity (Figure 5b), the 660 discontinuity is still placed

17 km too deep.

4 | DISCUSSION

Some recent studies have used compositional variations to explain

the seismic signature of different tectonic environments (e.g., Adam,

Caddick, & King, 2017; Maguire, Ritsema, & Goes, 2017). A rising

plume, however, cannot carry more than 10% of dense MORB and

should mainly consist of primitive mantle material (Brown & Lesher,

2015; Shorttle et al., 2014). Accordingly, the seismic signature of a

plume would essentially be that of primitive mantle and we propose

that the riddle of the little affected MTZ thickness below hotspots

can be solved following that assumption. Our explanation rests on

two keystones: the discussed temperature‐dependent phase change

in the lower MTZ and the comparatively low seismic velocities of

Mg‐rich, majoritic garnet. Both these essentials have been robustly

confirmed in experimental and theoretical studies. The decay of ring-

woodite to form majorite component and periclase is well‐known in

experimental petrology. In a pyrolite composition, it takes place

between about 1,650°C and 1,800°C at pressures of 20–23 GPa

(e.g., Deuss et al., 2013; Gasparik, 2003; Hirose, 2002; Ishii, Kojitani,

& Akaogi, 2011). More enriched compositions show the reaction

even at slightly lower temperatures (Supporting Information, Figures

S1 and S5). The other keystone, a high Poisson's ratio and associated

low seismic velocities of majoritic garnet compared to ringwoodite,

is also well established in experimental work and theoretical mod-

elling (e.g., Sinogeikin, Bass, Kavner, & Jeanloz, 1997; Sinogeikin &

Bass, 2002; Irifune et al., 2008; Liu et al., 2016; Chantel et al.,

2016). Using other approaches, i.e., the database from Stixrude and

Lithgow‐Bertelloni (2011) together with Perplex software (Connolly,

2005), likewise yields the phase‐change‐related and characteristic

fanning of velocities in the lower MTZ (Supporting Information, Fig-

ures S6, S7, S8, S9, see also Xu et al., 2008).

Our velocity modelling predicts an S‐wave anomaly of up to 7%

for warm adiabats (1,650°C). Due to limited resolution and ray cov-

erage, such a velocity anomaly might not be seen as pronounced

and confined in tomographic images as a forward model would sug-

gest. In the recent paper of Maguire et al. (2017), the forward com-

puted velocity models of various plume scenarios do suggest low

velocities in the lower MTZ; however, the inverse tomographic

image fails to recover the vertical extent of these layers. Velocity

models based on tomographic results alone might thus be insuffi-

cient.

The 520 discontinuity on top of the lower MTZ is an elusive

boundary which may display negative or positive signals, double

peaks, or may even be absent (e.g., Andrews & Deuss, 2008; Chev-

rot, Vinnik, & Montagner, 1999; Deuss et al., 2013; Huang et al.,

2015). A low‐velocity anomaly in the lower MTZ at mantle‐upwelling

sites has been proposed in several studies based on negative conver-

sions in RF data. Shen and Blum (2003) observed a negative conver-

sion between 570 and 600 km depth in South Africa and

subsequently at several other sites (Shen, Yuan, & Li, 2014). Vinnik,

Foulger, and Du (2005) found a negative conversion at a depth of

about 500 km around Iceland and four other hotspot locations (Vin-

nik & Farra, 2006). These observations were attributed to MORB

material possibly accumulated in the lower MTZ (Shen et al., 2014)

or dehydration melting during heating of water‐saturated wadsleyite

in the lower MTZ (Vinnik & Farra, 2006). However, MORB would be

abundant in Fe‐rich garnet with properties very different from major-

ite‐rich garnet in primitive mantle. In modelling, it consistently yields

higher velocities than the surrounding mantle in the MTZ (e.g.,

Shorttle et al., 2014). Also, plumes from the lower mantle are

expected to be relatively dry. An explanation by means of elevated

temperatures and Mg‐rich majoritic garnet in primitive mantle offers

a simple and elegant alternative explanation for negative conversions

observed in the MTZ.
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Figure S1. Equilibrium phase diagram for primitive mantle composition

as proposed by Sun and McDonough (1989) calculated using the data-

base of Holland et al. (2013). Molar abundances in bulk composition

used for the calculation are: Si, 38.16; Al, 4.44; Fe, 5.71; Mg, 47.88;

Ca, 3.210; Na, 0.590; O, 140.075. Abbreviations and assemblage labels

are the same as in Figure 1. Phase relations are almost identical to Fig-

ure 1; however, slightly shifted towards lower temperatures.

Figure S2. Relation between seismic velocities (vs and vp) and depth

along 1,350 (blue), 1,450 (green), 1,550 (red), and 1,650 (pink) adia-

bates respectively (Figure 1). Assumed composition is again the one

used for the calculation of Figures 1–5 in the main text. Pressures in

Figure 3b are converted to depths by vertical integration of densities

along the 1,350 adiabat (Figure 3a). Hence, we assume horizontal pres-

sure equilibrium.

Figure S3. Comparison of 1D synthetic receiver functions of the

derived velocity model along the 1,650°C adiabat using three different

Gaussian factors, a = 3 (green), a = 2 (light blue), a = 1 (dark blue). It is

evident that with decreasing Gaussian factor (increasing smoothing),

the complex 660‐discontinuity becomes oversimplified. In the cases

a = 3 and a = 2, the main phase transition at the 660 discontinuity is

recovered, followed by a weaker signal representing a velocity gradi-

ent beneath the 660. In the case a = 1, the maximum amplitude of the

660 discontinuity shifts to larger delay times because of the smoothing

effect. Orange dotted line indicates the depth of the largest gradient

in the velocity model, i.e., the theoretical 660 discontinuity.

Figure S4. Comparison of 1D synthetic receiver functions in the range

of the Mantle Transition Zone using the derived models for the

1,350°C adiabat (blue) and 1,650°C adiabat (red) with (solid lines) and

without (stippled lines) multiples from arbitrarily chosen and oversim-

plified lithospheric discontinuities (Moho at 35 km with ρ = 2,800 kg/

m3, Vs = 3.8 km/s and Vp = 6.6 km/s, lithosphere–asthenosphere
boundary at 135 km depth with ρ = 3,300 kg/m3, Vs = 4.6 km/s and

Vp = 8.0 km/s). We can conclude that multiples originating from litho-

spheric structure do not compromise the interpretation of the mantle

transition zone (MTZ) discontinuities and assumingly lie within or

below the expected noise levels.

Figure S5. Equilibrium phase diagram for a composition consisting of

80% primitive mantle (Lyubetskaya and Korenaga, 2007) and 20%

pyroxenite (MIX1G, Hirschmann et al., 2003). Molar abundances in

bulk composition used for the calculation are: Si, 38.68; Al, 5.92; Fe,

5.70; Mg, 44.68; Ca, 4.16; Na, 0.86; O, 141.210. Abbreviations and

assemblage labels are the same as in Figure 1. The critical assemblage

boundaries in the MTZ are shifted towards lower temperatures by

about 130°C.

Figure S6. Equilibrium phase diagram for primitive mantle (Lyubet-

skaya and Korenaga, 2007) calculated using the database of Stixrude

and Lithgow‐Bertelloni (2011) and Theriak‐Domino software (De Capi-

tani and Petrakakis, 2010). fer, ferrite; st, stishovite; Other abbrevia-

tions and assemblage labels are the same as in Figure 1. Stippled

coloured lines correspond to same adiabats (isentropes) as in Figure 1.

Note that the 1,650 adiabat cuts much less into the grt + periclase

stability field in the lower MTZ. Hence, the associated velocity anom-

aly (Figure S9) is somewhat less pronounced as compared to our

model.

Figure S7. Density of primitive mantle (Lyubetskaya and Korenaga,

2007) as predicted by the database of Holland et al. (2013) (a) and
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Stixrude and Lithgow‐Bertelloni (2011) (b) along the four reference

adiabats (Figures 1 and S6). Colour code is the same as in these fig-

ures. Stippled grey line corresponds to the PREM (Dziewonski and

Anderson, 1989).

Figure S8. Elastic moduli of primitive mantle (Lyubetskaya and Kore-

naga, 2007) as predicted by the database of Holland et al. (2013)

together with our calculation scheme for shear modulus incorporated

in Theriak‐Domino software (Figures (a) and (b)) and by the database

of Stixrude and Lithgow‐Bertelloni (2011) (Figures (c) and (d)) along

the four reference adiabats (Figure 1 and S6). Colour code is the same

as in these figures. Figures (a) and (c) correspond to shear moduli and

Figures (b) and (d) to bulk moduli respectively. Strippled grey line

shows the PREM (Dziewonski and Anderson, 1989).

Figure S9. Seismic velocities of primitive mantle (Lyubetskaya and

Korenaga, 2007) as predicted by the database of Holland et al. (2013)

together with our calculation scheme for shear modulus incorporated

in Theriak‐Domino software (Figures (a) and (b)) and by the database

of Stixrude and Lithgow‐Bertelloni (2011) (Figures (c) and (d)) along

the four reference adiabats (Figures 1 and S6). Colour code is the same

as in these figures. Figures (a) and (c) correspond to Vs and figures (b)

and (d) to Vp respectively. Stippled grey line shows the PREM

(Dziewonski and Anderson, 1989).

Table S1. Comparisons between modelled and experimental shear

moduli μ of majoritic garnet and periclase. Number in parenthesis rep-

resents uncertainties in the last digit.

Data S1. Calculating seismic velocities.
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